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[1] We show that time‐dependent models of mantle upwellings above a cold downwelling
in the New Zealand‐Antarctica region since 80 Ma can explain anomalous geophysical
observations: ∼1.0 km of positive residual bathymetry at the Antarctica margin, a large
Ross Sea geoid low, 0.5–0.9 km of excess tectonic subsidence of the Campbell Plateau
since 80 Ma, and several seismic wave speed anomalies. Model results indicate that the
largest mantle upwelling, centered in the Ross Sea, has an average temperature anomaly of
200°C and density anomaly of 0.6%, and it rose from midmantle depths at 80 Ma to a
present depth of 400–1000 km. Anomalous Campbell Plateau subsidence requires a
smaller hot anomaly evolving within the upper mantle under the region of the
reconstructed Late Cretaceous Campbell Plateau. The excess subsidence of the plateau
results from northward drift of New Zealand away from the dynamic topography high
created by the smaller hot anomaly. To fit present‐day geoid and residual topography
observations, we require a large lower:upper mantle viscosity ratio of 100:1. We suggest
that the distribution of temperature and viscosity is related to long‐lived Gondwana
subduction that accumulated high‐density, high‐viscosity lower mantle below a
chemically altered upper mantle with anomalously low density and/or high temperature.
Time‐dependent observations enable constraints on absolute viscosities of 1023 Pa s and
1021 Pa s for the lower and upper mantle, respectively.
Citation: Spasojevic, S., M. Gurnis, and R. Sutherland (2010), Inferring mantle properties with an evolving dynamic model of
the Antarctica‐New Zealand region from the Late Cretaceous, J. Geophys. Res., 115, B05402, doi:10.1029/2009JB006612.
1. Introduction
[2] Conjugate passive continental margins of Antarctica
(ANT) and New Zealand (NZ) lie at the edges of Marie
Byrd Land and the Campbell Plateau, respectively. The
ANT margin and adjacent ocean crust has approximately
1 km of positive residual bathymetry, relative to both the NZ
margin and a reference age‐depth model for the Pacific
Ocean [Sutherland et al., 2010]. This ANT bathymetric
anomaly is spatially correlated with a geoid minimum in the
Ross Sea [Förste et al., 2008]. Seismic tomography reveals
low velocities within and beneath the lithosphere, low
velocities in the transition zone and uppermost lower man-
tle, and high velocities in the lowermost mantle [e.g., Grand,
2002; Gu et al., 2001;Masters et al., 2000; Ritsema and van
Heijst, 2000]. Campbell Plateau (NZ) boreholes record
excess tectonic subsidence of 500–900 m, with a maximum
in tectonic subsidence rate at 70–40 Ma, coincident with
rapid northward drift of NZ away from ANT [Cook et al.,
1999; Sutherland et al., 2010]. Mantle upwelling beneath
the ANT margin has been suggested on the basis of these
anomalous observations [Sieminski et al., 2003; Sutherland
et al., 2010], and is consistent with previous suggestions
based on the distribution and chemistry of igneous rocks
[Storey et al., 1999; Weaver et al., 1994].
[3] In a previous paper [Sutherland et al., 2010], we
presented observations of anomalous topography and sub-
sidence, showed that a simplified geodynamic model of
mantle upwelling could be constructed to fit all observa-
tions, and we proposed a hypothesis that such an upwelling
may have followed the Cretaceous termination of long‐lived
subduction (>200 Myr) at the Gondwana margin. In this
paper, we document and analyze a range of geodynamic
models for the evolving mantle flow, and hence we are able
to draw conclusions about mantle properties. Our models
incorporate mantle upwellings and a downwelling that are
geometrically simplified, and are required to evolve to fea-
tures equivalent to the three anomalous velocity structures
imaged in global seismic‐tomographic inversions, and we
must fit observations of geoid, topography, and subsidence
history from 80 Ma to the present.
[4] First, we utilize global time‐dependent geodynamic
models to constrain the magnitude of buoyancy anomalies
and their initial Late Cretaceous geometry and depth. Second,
we fit time‐dependent (tectonic subsidence) and present‐day
(geoid, seismic tomography and residual bathymetry)
observations jointly, to constrain both the relative and
absolute values of mantle viscosities in the ANT‐NZ region.
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Geoid observations provide a strong constraint on the radial
viscosity gradient in the mantle, and we show that absolute
viscosity can also be constrained when seismic tomography
is combined with constraints on present‐day and evolving
dynamic topography. Third, we investigate the association of
the observed ANT geoid low with mantle upwelling, which
makes this region of particular geodynamic interest, because
upwellings are more usually associated with geoid highs
[Richards et al., 1988].
2. Tectonic History
[5] The ANT‐NZ region today has conjugate passive
margins that are separated by seafloor spreading at the
Pacific‐Antarctic Rise [Cande et al., 1995; Molnar et al.,
1975], but it was previously a region characterized by a
long‐lived subduction zone that was active over much of the
Late Paleozoic and Mesozoic [Adams et al., 2007; Mortimer
et al., 1999; Veevers, 2000]. Mesozoic activity along the
eastern Gondwana subduction zone (Figure 1) occurred
from offshore eastern Australia, New Caledonia, and the
Lord Howe Rise [Adams et al., 2007; Mortimer et al., 1998;
Paris, 1981; Veevers et al., 1994], through New Zealand
and the Chatham Rise [Bradshaw, 1989; Davy et al., 2008;
Kimbrough et al., 1994; Mortimer et al., 1999], to Marie
Byrd Land in Antarctica [Bradshaw et al., 1997; Mukasa
and Dalziel, 2000; Weaver et al., 1994]. Subduction con-
tinued during the Cenozoic in the Thurston Island and
Antarctic Peninsula regions [Cunningham et al., 2002;
Dalziel and Elliot, 1982; Larter et al., 2002; Storey and
Nell, 1988], and the subduction zone is still active today
in western South America [Allmendinger et al., 1997; Herve
et al., 2007].
[6] The termination of subduction was earliest in the New
Zealand sector, where the youngest subduction‐related
igneous rocks formed at ∼115–105 Ma [Kimbrough et al.,
1994; Mortimer et al., 1999; Muir et al., 1995, 1998;
Waight et al., 1998], and this time corresponds to the end of
local convergent deformation [Mazengarb and Harris,
1994] and the onset of widespread rifting and intraplate
(anorogenic, A‐type) magmatism [Laird and Bradshaw,
2004; Weaver et al., 1994]. Subduction termination was
slightly later at ∼105–95 Ma in Marie Byrd Land [Bradshaw
et al., 1997; Mukasa and Dalziel, 2000; Storey et al., 1999],
and was not until Cenozoic time (<65 Ma) in the Thurston
Island and Antarctic Peninsula regions [Cunningham et al.,
2002; Larter et al., 2002; McCarron and Larter, 1998;
Storey and Nell, 1988].
[7] Gondwana breakup and voluminous magmatism,
which is interpreted to have been plume‐related [Pankhurst
et al., 2000; Storey, 1995], commenced during the Jurassic
at ∼180 Ma as South America, Africa and the Weddell Sea
region of Antarctica started to separate and form the South
Atlantic and Southern Ocean [Ferris et al., 2000; Pankhurst
et al., 2000; Storey, 1995]. By ∼120 Ma (Early Cretaceous;
Aptian), Gondwana was fragmented everywhere but the
New Zealand sector, and the fragments were starting to
disperse as seafloor spreading ridges were established
[Lawver et al., 1987; Marks and Tikku, 2001; Müller et al.,
2000; Nürnberg and Müller, 1991]. The final stage of
Gondwana breakup (Figure 1) created the Marie Byrd Land
and Campbell Plateau passive margins at ∼83–79 Ma as
Figure 1. Cartoons showing the configuration of Australia,
Antarctica, New Zealand and the Campbell Plateau (CAM)
at a time (a) when Gondwana had an active subduction zone
and arc and (b) when incipient development of the Tasman
Sea and South Pacific Ocean during widespread rifting led
to final Gondwana breakup. The modern coastline of frag-
ments of western New Zealand (WNZ), eastern South Island
(ENZ), and eastern North Island (ENI) are shown, with
Cenozoic relative motions reconstructed [Sutherland,
1995; King, 2000]. The position of the reconstructed
Gondwana arc in the New Zealand region is shown dotted
[Sutherland, 1999a, 1999b]. Shades show land (white), shelf
(light shade, <400 m), slope (medium shade, 400–3000 m),
and abyssal (dark shade, >3000 m) paleodepths. Open ar-
rows show plate motion directions relative to New Zealand,
and double‐ended arrows show extension directions during
rifting.
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New Zealand, Australia and Antarctica separated to form the
Tasman Sea and South Pacific sector of the Southern Ocean
[Cande et al., 1995; Gaina et al., 1998; Molnar et al., 1975;
Stock and Molnar, 1987; Sutherland, 1999a; Weissel et al.,
1977].
3. Observational Constraints
[8] Global [Grand, 2002; Gu et al., 2001; Masters et al.,
2000; Ritsema and van Heijst, 2000] and regional
[Ritzwoller et al., 2001; Sieminski et al., 2003] seismic
tomographic inversions appear to resolve three anomalous
structures in the NZ‐ANT region (Figure 2): A broad lith-
ospheric and sublithospheric low‐velocity anomaly; a low‐
velocity anomaly spanning the transition zone and upper
part of the lower mantle; and a high‐velocity anomaly in the
lowermost mantle. The lithospheric and sublithospheric
mantle of West Antarctica (including the Ross Sea and
Marie Byrd Land) is characterized by a broad anomaly of
low seismic velocities at <400 km depth (Figure 2). The
intermediate‐depth low‐velocity anomaly spans the transi-
tion zone and upper part of the lower mantle between ∼400
and 1100 km depths (Figure 2). Finally, a region of high S
wave velocities above the core‐mantle boundary (CMB) has
a depth extent of approximately 2000–2900 km (Figure 2),
and is attributed to high‐density material that accumulated
during Paleozoic and Mesozoic Gondwana subduction.
[9] The details of three anomalous structures differ
between tomographic models (Figure 2). The shallowest
low‐velocity anomaly appears to be connected to a much
larger shallow low‐seismic‐velocity anomaly that is spa-
tially correlated with the location of Late Cretaceous and
Cenozoic seafloor spreading and continental extension for
all of the tomographic inversions (Figure 2). Only one
model (Figure 2b; Grand [2002]) has a localized circular
low‐velocity lithospheric‐sublithospheric anomaly in the
Ross Sea region.
Figure 2. Shear wave seismic tomography maps in the Antarctica‐New Zealand region at 200, 500,
1000, and 2700 km depths and N‐S cross section along 170°E from (a) Ritsema and van Heijst
[2000], (b) Grand [2002], (c) Masters et al. [2000], and (d) Gu et al. [2001]. The position of cross
section is shown on depth slices at 2700 km. The lateral resolution of models varies between 275 km
[Grand, 2002] and ∼1000 km [Ritsema and van Heijst, 2000].
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[10] The intermediate‐depth low‐velocity anomaly seems
to be spatially more localized than the shallow anomaly and
all of the inversions resolve it to the east from the Macquarie
Ridge (Figure 2), plate boundary between the Pacific and
Australian plates extending south of South Island, New
Zealand. At 1000 km depth, based on models by Masters et
al. [2000] (Figure 2a) and Ritsema and van Heijst [2000]
(Figure 2c), this anomaly appears to span between ANT
andNZ across the Antarctic‐Pacific ridge, while the model by
Gu et al. [2001] defines two separate anomalies (Figure 2d).
A low‐velocity anomaly in this depth range has previously
been interpreted as a mantle upwelling on the basis of
regional tomographic inversions [Sieminski et al., 2003]. In
addition, in the Ross Sea region the mantle transition zone is
inferred from SS and PP precursors to be >20 km thinner than
the global average at long wavelengths [Flanagan and
Shearer, 1998; Houser et al., 2008]. Such a thinning is
consistent with a vertically coherent warm (>150°C; seismi-
cally low velocity) anomaly that spans 410–650 km depths
[Bina and Helffrich, 1994; Houser et al., 2008]; this suggests
that a part of the intermediate‐depth low‐velocity anomaly
could be associated with mantle upwelling.
[11] Details of the high‐velocity anomaly in the lower
mantle differ significantly between models (Figure 2), with
all models defining it in the region of interest between the
Ross Sea and Marie Byrd Land. Several models (Figures 2a,
2b, and 2d) connect the ANT lower‐mantle anomaly with
high‐velocity anomalies located further north and northwest,
consistent with the hypothesis that the anomaly corresponds
to slabs created during long‐lived Mesozoic subduction
[Chase and Sprowl, 1983; Gurnis et al., 1998]. All models
have this anomaly restricted to the lower portion of the
lower mantle (Figure 2).
[12] One of the largest geoid minimums, with an ampli-
tude of about −60 m over a wavelength of several thousand
kilometers [Förste et al., 2008], is centered in the Ross Sea
(Figure 3a), roughly coincident with the midmantle seismic‐
velocity low (Figure 2) and transition‐zone thickness
anomaly [Houser et al., 2008]. Chase and Sprowl [1983]
suggest that the global semicontinuous geoid low, passing
from Hudson’s Bay through Siberia and India to Antarctica
and the Ross Sea (Figure 3a), is correlated with the position
of long‐lived Mesozoic subduction. On the other hand, the
large‐scale residual geoid highs, obtained after subtracting
the putative effects of subduction, are correlated with loca-
tions of present‐day hot spots [Chase, 1985]. There is a
positive correlation between geoid highs and low seismic
velocity in the lower mantle at degree 2, and with low
seismic velocity in the upper mantle at degree 6 [Richards et
al., 1988], suggesting that upwellings of different wave-
lengths can reproduce geoid highs. For example, the large‐
scale lower‐mantle African and Pacific superswells [Hager
et al., 1985] and smaller‐scale upper mantle Hawaii and
Iceland hot spots [Richards et al., 1988] both give rise to
geoid highs. The Ross sea region maybe unique because it
has a large geoid low located above both ancient subduction
and possibly contemporaneous upwelling within the mantle.
[13] Residual bathymetry, obtained by subtracting an age‐
depth model from observed depths of ocean crust, indicates
that a broad region between the ANT margin and the
Pacific‐Antarctic Rise is 500–1000 m shallower than ex-
pected (Figure 3b) [Sutherland et al., 2010]. Bathymetric
profiles perpendicular to the passive continental margins
indicate that, although the shapes of the conjugate margins
are nearly symmetric (Figure 3c), the ANT margin is ∼1 km
higher than the NZ margin [Sutherland et al., 2010]. In
addition, when the effects of sediment loading by up to 4 km
of Late Cretaceous and Cenozoic postrift sediments is
accounted for in five petroleum wells of the northern
Campbell Plateau [Cook et al., 1999], observed tectonic
subsidence is 0.5–0.9 km larger than expected from rea-
sonable rifting models [Cook et al., 1999]. Excess subsi-
dence occurred in the period 70–40 Ma, coincident with
the phase of the rapid northward drift of New Zealand
away from Antarctica, and significantly after the end of
sedimentary basin formation [Sutherland et al., 2010].
4. Methods
[14] We use CitcomS version 3.0, a finite element code
for solving thermal convection within the mantle [Tan et al.,
2006; Zhong et al., 2000] to develop global three‐
dimensional spherical models with assimilated plate mo-
tions. The plate velocities and plate polygons are defined at
1 Myr intervals (Gurnis et al., Global plate reconstructions
with continuously closing plates, submitted to Geochem.
Geophys. Geosyst., 2009), and the velocity field is linearly
interpolated for intervening times. We solve the equations of
conservation of (1) mass, (2) momentum, and (3) energy for
an incompressible, Newtonian fluid, while making the
Boussinesq approximation:
r ~u ¼ 0 ð1Þ
rP þr  r~uð Þ ¼ mT~g ð2Þ
@T
@t
þ~u  rT ¼ r2T þ H ð3Þ
where ~u is velocity, P dynamic pressure, h dynamic vis-
cosity, rm ambient mantle density, a thermal expansion
coefficient, ~g gravitational acceleration, T temperature, 
thermal diffusivity, and H internal heat production. Internal
heating is negligible on the <100 Myr time scales studied
here. Values of model parameters held constant are given in
Table 1.
[15] Dynamic topography h on the top surface is defined
as:
r;r ¼ ðm  wÞgh ð4Þ
where sr,r is total normal stress in the radial direction,
rm − rw is the density contrast across top surface between
water and mantle.
[16] Effective viscosities are temperature dependent
according to:





where h is effective viscosity, h0 is reference viscosity
(Table 1), E* is activation energy divided by the product
of the gas constant R (8.314 J · K−1 · mol−1) and
temperature scaling TS (3000 K), T is nondimensional
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temperature, and T0 is a temperature offset. We used
values of E* = 1 in the upper and E* = 5 in the lower
mantle, and T0 = 0.5 for both upper and lower mantle,
and these values correspond to relatively weak tempera-
ture dependence of viscosity.
[17] Except for initial discrete anomalies, the mantle is
isothermal, with a nondimensional background temperature,
Tm = 0.5. Top and bottom boundaries have mantle back-
ground temperature, and we do not impose thermal
boundary layers. Because the study area is dominated by
Figure 3. Observations used as constraints for our models. (a) Geoid [Förste et al., 2008] with 10 m
contour intervals. (b) Residual seafloor depth [Sutherland et al., 2010], obtained after subtructing age‐
depth model with GEBCO bathymetry, showed with solid contour lines with 500 m contour intervals.
Yellow dots show the position of five petroleum wells in Campbell Plateau, and the dotted line the
relocated position of a point on the southern Campbell Plateau with respect to Marie Byrd Land since
80 Ma (1 Ma increments). (c) Bathymetry profiles [Sutherland et al., 2010] perpendicular to Antarctica
(145–160°W) and New Zealand margins (166–176°E), as a function of distance from the base of the
Cretaceous continental margin, with bars indicating the standard deviation.
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divergent plate boundaries during its evolution, and has no
active mantle plumes originating from the core‐mantle
boundary, such approximation is appropriate. We introduce
upwelling anomalies 0.5 < TU ≤ 1, and downwelling
anomalies 0 ≤ TD < 0.5, as oblate triaxial ellipsoids, with
two long diameters (a and b) parallel to Earth surface and
the shortest diameter (c) being vertical. Nondimensional
maximum upwelling (downwelling) temperature is defined
as TU = Tm +DTa (TD = Tm −DTa), whereDTa is maximum
nondimensional temperature of the anomaly. Temperatures
in the ellipsoid follow Gaussian in all directions.
[18] The variables we attempt to constrain are: (1) geom-
etry of buoyancy anomalies defined by ellipsoid diameters a,
b and c, their depth (du and dd) and geographic position
initially at 80 Ma; (2) temperature anomalies DTa; and
(3) radial mantle viscosities, where we define a three‐layer
structure that includes lithosphere, upper mantle and lower
mantle, with the lithosphere viscosity having constant value
of 1023 Pa s. The top boundary layer is defined as a distinct
high‐viscosity rheological unit. For each model we define
background viscosities for lower and upper mantle, which is
modified by a temperature dependency in regions with
thermal anomalies. All viscosity ratios reported are those
between the background upper and lower mantle.
5. Model Results
5.1. Size and Position of Buoyancy Anomalies
[19] We first attempted to reproduce all observations in a
time‐dependent model with a single upwelling positioned
immediately above a downwelling. The downwelling is
designed to correlate with the high‐seismic‐velocity anom-
aly deep in the lower mantle (Figure 2). Although the high‐
velocity region may be the result of slab accumulation, we
simplify the downwelling by introducing a single body with
c = 800 km. The upwelling anomaly, located immediately
above the downwelling at 80 Ma, with its lower edge
100 km from the upper edge of the downwelling, is designed
to reproduce general features of the seismically low‐velocity
region at the end of calculation (0 Ma). The short diameter of
the upwelling is varied between 500 and 800 km. The values
of diameters a and b, and DTa are assumed to be the same
for both the upwelling and downwelling. We start all
models at 80 Ma, roughly coincident with proposed initi-
ation of ANT‐ Pacific spreading [Stock and Molnar, 1987;
Sutherland, 1999a].
[20] The observed geoid and bathymetry anomaly con-
strain the size and position of the anomalies. If the initial
size of the anomalies is too small or large, the predicted
geophysical anomalies are spatially smaller or larger than
observed. The long‐wavelength extent and trend of the
geoid and dynamic topography (Figure 3) are best re-
produced with anomalous bodies that have longest diameter
a approximately 4000 km, initially centered at 170°E and
75°S at 80 Ma. Since the observed anomalies are slightly
elongated in the east‐west direction (Figure 3), parallel to
the Antarctica margin, we choose b = 3000 km. We tested a
number of models with larger and smaller values of a and b,
but they fail to reproduce the observed wavelengths.
5.2. Magnitude of Buoyancy Anomalies
[21] From the conservation of momentum and energy,
dynamic topography in uniform viscosity and layered vis-
cosity domain can be described as:
hðtÞ ¼ C1ðtÞT ð6Þ
hðtÞ ¼ C2ðtÞ UM
LM
T ð7Þ
where h is dynamic topography, DT is temperature anom-
aly, C1 and C2 are numerical functions obtained from the
solution of flow and is dependent on the viscosity and
temperature structure, and hLM and hUM are viscosities of
lower and upper mantle, respectively [Gurnis et al., 2000].
The nondimensional temperature anomaly is defined with
respect to a temperature of 3000°C.
[22] Assuming the observed bathymetric anomaly
(Figures 3b and 3c) can be attributed to dynamic topogra-
phy, we use it to constrain the amplitude of the temperature
anomaly. When we systematically vary the initial tem-
peratures (Figure 4), while holding the initial depths (du =
1300 km and dd = 2000 km) and viscosity ratio (hLM:hUM =
100:1) constant, small values ofDTa = 0.05 predict dynamic
topography on order of only 100 m (Figure 4a), significantly
less than the observed 500–1000 m. For large values of DTa
(0.2 and 0.3), the predicted maximum dynamic topography is
on the order of 5 km, much larger than observed (Figures 4d
and 4e). Observed present‐day dynamic topography is re-
produced with nondimensional temperatures of 0.1–0.15
(Figures 4b and 4c), with a best prediction of the geoid for
DTa = 0.15 (Figure 4c), and estimated error of 0.05.
[23] For large nondimensional temperatures of DTa ≥ 0.2,
the upwelling rises quickly, underplates the lithosphere, and
overpredicts dynamic topography (Figures 4d and 4e).
Models with DTa ≥ 0.2 reproduce both regions of
sublithospheric and transition zone‐upper mantle high tem-
peratures (Figures 4d and 4e), equivalent to the two low‐
seismic velocity regions evident in tomography. However,
we find that dynamic topography is significantly over-
predicted for all models with DTa ≥ 0.2 and all models in
which the main mantle upwelling underplates the lithosphere.
Only when the main large upwelling ends up within the
transition zone‐upper lower‐mantle depth range (Figures 4b
and 4c; DTa = 0.1–0.15), can we successfully match
residual bathymetry (Figure 3b), regardless of the initial
depth or mantle viscosities.
[24] There is a trade‐off between the magnitude of the
temperature anomaly and the mantle viscosities (equation 7).
We iteratively varied DTa and mantle viscosities, and found
thatDTa in range of 0.1–0.15 always best predicted dynamic
topography. For all subsequent results, we fixedDTa to 0.15,
Table 1. Model Parameters Held Constant in Our Runs
Parameter Symbol Value
Ambient mantle density rm 3340 kg/m
3
Water density rw 1000 kg/m
3
Reference viscosity ho 1 × 1021 Pa s
Thermal diffusivity  10−6 m2/s
Coefficient of thermal expansion a 3 × 10−5 1/K
Gravitational acceleration g 9.81 m/s2
Earth’s radius R 6371 km
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Figure 4. Constraining temperature anomaly based on predictions of dynamic topography (500 m
contour interval), geoid (10 m contour interval), and upwelling geometry at 0 Ma for DTa of (a) 0.05,
(b) 0.10, (c) 0.15, (d) 0.20, and (e) 0.30. Green lines indicate position of mid‐ocean ridges, red lines with
triangles subduction zones, and dotted black lines indicate location of cross sections. Cross sections show
whole mantle depth range, with position of 660 km discontinuity shown with horizontal black line.
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while noting a slight trade‐off with other parameters if a
slightly lower temperature is chosen.
5.3. Mantle Viscosity Structure and Initial Upwelling
Depths
[25] Once we fix the geometry and amplitude of the
temperature anomalies, which define the buoyancy forces, a
trade‐off remains between the initial anomaly depth and
mantle viscosity. We systematically varied the ratio of
hLM:hUM and the initial depth of anomalies at 80 Ma
(Figure 5), with the model setup described in section 3.1
and DTa = 0.15. In addition to comparing predicted and
observed geoid, present‐day dynamic topography and
Campbell Plateau subsidence history, we also compare the
predicted final geometry of the high‐temperature anomaly
with that of the observed midmantle low‐velocity anomaly
(central depth approximately 700 km), to further constrain
plausible initial depths for the anomaly and the mantle
viscosity structure.
[26] All models with hLM:hUM ≤ 60 significantly over-
predict dynamic topography (Figure 5a), reproduce either
positive or small negative geoid anomalies (Figure 5b), and
result in shallow centroid depths of the upwelling anomaly
at 0 Ma (Figure 5d). The upwelling rises relatively quickly
with lower viscosities, underplating the lithosphere and
overpredicting dynamic topography, similar to models with
DTa ≥ 0.2. Dynamic topography is also overpredicted when
the initial depths du are shallower than 1300 km (Figure 5a),
while the geoid is under predicted or has the wrong sign
when du is deeper than 1300 km (Figure 5b). Final centroid
depths are less than 500 km for all models with initial du of
800 km and 1200 km.
[27] Present‐day observations of dynamic topography and
geoid, and appropriate midmantle centroid anomaly depths
are simultaneously reproduced with a single model in which
du is 1300 km and the viscosity ratio hLM:hUM is 100.
However, the fit to subsidence is only reproduced when
hLM:hUM ≤ 40 (Figure 5c). We found that no model with a
single upwelling and downwelling could reproduce all ob-
servations, even when the parameter range was expanded
beyond that shown in Figure 5. This indicates that our
assumed initial geometry of the buoyancy anomalies must
be unrealistic, and that a more complex parameterization of
initial conditions may be needed to match all observations.
Figure 5. Constraining relative mantle viscosity ratio hLM:hUM and initial depth of upwelling anomaly
utilizing (a) dynamic topography, (b) geoid, (c) subsidence, and (d) centroid depth of main upwelling
anomaly at 0 Ma as constraints. Red outlines indicate set of models satisfying individual constraints. Rel-
ative ratios are given with respect to background viscosity of 1021 Pa s.
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Figure 6. Modeling results for a model with two hot anomalies evolving above a cold anomaly
(hLM:hUM = 100:1, with respect to viscosity of 10
21 Pa s). (a) Dynamic topography predictions (500 m
contour interval). (b) Cross sections of temperature field at 70°S with velocity vectors overlain. (c) Cross
section of viscosity field at 70°S and 80 Ma with velocity vectors overlain. (d) Evolution of the maximum
amplitude of dynamic tomography over the smaller shallow upwelling (dotted line) and the main large
upwelling (solid line). (e) Geoid observation [Förste et al., 2008]. (f) Geoid model predictions. Green
lines indicate position of mid‐ocean ridges, red lines with triangles subduction zones [Gurnis et al., 2009],
and dotted black lines indicate location of cross sections. Cross sections show whole mantle depth range,
with position of 660 km discontinuity shown with horizontal black line (Figure 6b) or discontinuity in
viscosity field (Figure 6c). The reconstructed location of Campbell Plateau is shown with green dot
(Figure 6a).
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5.4. More Realistic Initial Conditions With a Second
Upwelling
[28] In order to match the history of Campbell Plateau
subsidence and observations of the modern topography,
geoid, and tomography, we introduce an additional shal-
lower low‐density anomaly in the upper mantle below the
reconstructed position of the Campbell Plateau at 80 Ma
(Figure 6). The location is slightly closer to the surface trace
of subduction and would be consistent with an additional
shallow upwelling above a south‐dipping slab that was
subducted at the northern margin of the NZ continent [Davy
et al., 2008].
[29] The best fitting model has an additional hot anomaly
with a = b = 1500, c = 500km, depth 500 km and DTa =
0.08, and its center is located at 160°W and 68°S at 80 Ma,
approximately 1200 km NE from the center of the main
anomaly. The predicted Campbell Plateau dynamic topog-
raphy for this model at 80 Ma is about 750 m (Figure 6a),
with the maximum located on the NW part of the Campbell
Plateau. As ANT‐NZ seafloor spreading progressed, the
Campbell Plateau (NZ) drifted northward with respect to
ANT and the lower mantle (Figure 6a), and moved across the
region of high dynamic topography. By 40Ma, the Campbell
Plateau had moved completely away from the dynamic
topography high. As the larger and deeper upwelling arose
from the lower mantle, it produced increased dynamic
topography in the Ross Sea, reaching about 1000 m presently
(Figure 6a). The smaller and shallower upwelling was split as
the spreading ridge passed over the anomaly during the
Cenozoic (Figure 6a), producing secondary dynamic topog-
raphy highs with maximum amplitudes of about 600 m on
either side of the Pacific‐Antarctic ridge. The model ridge
topography (Figure 6a) matches observed bathymetry along
the spreading ridge (Figure 3b). Dynamic topography asso-
ciated with the shallow anomaly is dominant for most of the
model history (Figure 6d), with the effect of the deep‐seated
anomaly significantly increasing after 20 Ma, and reaching
up to 1000 m at the present (Figure 6d). The main
upwelling in the model reached the upper mantle at about
20 Ma (Figure 6b), and is now located at 400–1000 km
depth, where it matches the low‐seismic‐velocity anomaly
at the transition zone and top of the lower mantle (Figure 2).
The smaller upwelling spread out beneath the oceanic litho-
sphere (Figure 6b), where it matches the sublithospheric
region of extremely slow seismic velocities (Figure 2).
[30] The present‐day geoid anomaly predicted by this
model is −62.5 m (Figure 6f), which is close to the known
amplitude (Figure 6e). Considering the simplified geometry
and parameterization of our model, the predictions match
the general wavelength and location of geoid and topogra-
phy anomalies well. The amplitude and sign of the geoid are
primarily controlled by both the depth of the deep‐seated
upwelling anomaly at 0 Ma and the relatively large ratio of
upper to lower‐mantle viscosities.
[31] When we track dynamic topography of the Campbell
Plateau (Figure 6a) from 80 to 0 Ma, we calculate the total
excess subsidence of the Campbell Plateau is 750 m, which
mostly results from the northward drift of the Campbell
Plateau away from the upwelling. For comparison, when we
attempt to match the observed tectonic subsidence of the
Campbell Plateau with a stretching model alone (no
dynamic topography), the subsidence is under predicted by
500–900 m (Figure 7a, gray line). When the predicted
dynamic topography is added to a model of thermal subsi-
dence (Figure 7a), the total observed tectonic subsidence is
well matched by assuming a stretching factor b = 1.5, which
is a typical value estimated from crustal thickness or fault
heaves from near to the wells that were considered [Cook et
al., 1999]. The maximum predicted subsidence rate occurs
around 60 Ma, coincident with an observed transition
from shallow to deep‐water environments in the wells
Figure 7. Tectonic subsidence of the Campbell Plateau.
(a) Tectonic subsidence for five wells (black lines) com-
pared with thermal subsidence only (gray line) and
thermal+dynamic subsidence for b = 1.2 (blue line), b =
1.5 (red line), and b = 1.8 (green line). (b) Comparison
between tectonic subsidence prediction between (1) the
best model described in section 5.4, (2) thermal subsi-
dence model with b = 1.5, (3) model with a single hot
anomaly rising from initial depth 1300 km in a mantle
with hLM:hUM = 100:1, (4) model with a single hot
anomaly rising from depth of 1600 km in a mantle with
hLM:hUM = 20:1, and (5) model with additional shallower
anomaly with rising from central depth of 500 km and
DTa = 0.11. Error bars indicate uncertainty in deter-
mining paleowater depths.
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(Figure 7a), and it resulted from the drift of the Campbell
Plateau away from the upwelling (Figure 6a).
[32] Models with a single large mantle upwelling centered
at the ANT margin always under‐predict Campbell Plateau
tectonic subsidence (Figure 7b, blue and cyan curves), and
never reproduce the observed inflexion in subsidence rate.
Models in which a smaller secondary upwelling anomaly is
located slightly deeper at 80 Ma and with a higher‐amplitude
temperature anomaly, could reproduce the total amplitude of
tectonic subsidence, but the shape of the predicted subsidence
curve fits the observations slightly worse (Figure 7b, green
curve). The exact shape and amplitude of the Campbell
Plateau subsidence curves is strongly controlled by the
movement of the plateau with respect to the dynamic
topography high (Figure 6d), so several models with different
initial geometries and DTa of the smaller hot anomaly could
reproduce observations equally well, because observations
have poor spatial coverage.
5.5. Absolute Values of Mantle Viscosities
[33] Instantaneous mantle convection models with seismic
tomography, geoid and/or dynamic topography as con-
straints [e.g., Hager, 1984; King and Masters, 1992;
Steinberger and Calderwood, 2006] can be used to derive a
radial relative viscosity profile, while postglacial rebound
observations are used to derive absolute viscosities [e.g.,
Milne et al., 2004; Mitrovica and Forte, 2004]. We show
above that observations of geoid and dynamic topography in
the ANT‐NZ region require a high hLM:hUM ratio of about
100:1 (Figure 5). However, since we have observations of
tectonic subsidence as a function of time and seismic
tomographic models constrain the present depths of buoy-
ancy anomalies, we can also constrain absolute viscosities
within the mantle. For our best fitting model (section 5.4),
which includes two hot anomalies at different depths, we
systematically vary the absolute value of lower‐mantle
viscosity for models with du (depth to larger hot anomaly) of
800, 1300, and 1600 km (Figure 8).
[34] For models with hLM ≤ 1022 Pa s, the hot anomaly rises
too quickly, underplates lithosphere by 0 Ma (Figure 8d),
overpredicts dynamic topography (Figure 8a) and subsi-
dence (Figure 8c), while yielding positive geoids
(Figure 8b). If the lower‐mantle viscosity is higher, with
hLM of 10
24 Pa s, the upwelling anomaly rises more slowly,
Figure 8. Constraining absolute mantle viscosity and initial depth of upwelling anomaly utilizing
(a) dynamic topography, (b) geoid, (c) subsidence, and (d) centroid depth of upwelling anomaly at
0 Ma as constraints. The largest circles indicate models with hLM:hUM = 100:1, intermediate circles
models with hLM:hUM = 60:1, and the smallest circles with hLM:hUM = 20:1. Red outlines indicate
set of models satisfying individual constraints.
SPASOJEVIC ET AL.: ANTARCTICA-NEW ZEALAND DYNAMIC MODELS B05402B05402
11 of 16
generally resulting in large centroid depths of midmantle
anomaly at 0 Ma (Figure 8d), while under predicting
dynamic topography (Figure 8a), the geoid (Figure 8b) and
dynamic subsidence (Figure 8c). For a narrow range of
lower‐mantle viscosities hLM = 2 × 10
22 to 1 × 1023 Pa s,
dynamic topography is close to the observed 0.5–1.0 km for
depths du < 1600 km (Figure 8c). Observations of dynamic
topography and geoid (Figures 8a and 8b) require lower‐
mantle viscosity hLM = 1023 Pa s, and only depths close to
du = 1300 km yield acceptable predictions for all observa-
tions. Although a model with the shallow upwelling
(800 km) and stiff lower mantle (hLM = 10
24 Pa s) produces
reasonable midmantle centroid upwelling depths compared
to seismic tomography (Figure 8d), the model under-
estimates all other parameters (Figures 8a–8c).
6. Discussion
6.1. Mantle Dynamics and Viscosity Structure
[35] We can fit both the present‐day (geoid, dynamic
tomography, and seismic structure) and time‐dependent
(tectonic subsidence of Campbell Plateau) observations in a
single dynamic model with a relatively simple initial
geometry and viscosity structure. We define thermal
anomalies as triaxial ellipsoids that are designed to repro-
duce the large‐scale characteristics of mantle flow and
evolution, rather than to match the exact shape and extent
imaged in seismic tomography. In reality, these anomalies
certainly have a more complex geometry, but since
tomography models differ significantly in their detail of
midmantle and lower‐mantle seismic‐velocity structure
[Grand, 2002; Gu et al., 2001;Masters et al., 2000; Ritsema
and van Heijst, 2000], we choose to use simplified forward
models designed to match the general geometrical char-
acteristics and depth ranges of the largest anomalies. When
the resolution and coverage of tomography models in the
Antarctica‐New Zealand region are improved, it will be
possible to better separate and define the position and shape
of the velocity anomalies of interest (in particular the mid-
mantle velocity low and lower mantle velocity high), and
seismic properties could then be used as input to inverse
models that have a more complex parameterization [e.g., Liu
et al., 2008]. We also simplify the definition of the boundary
layers in a way that is appropriate for the tectonic setting.
The top boundary layer is treated as a layer with a high
viscosity, with the temperature being equal to the back-
ground mantle temperature. This formulation is appropriate
since the study region is dominated by divergent boundaries
during the whole model history, and the buoyancy anoma-
lies were dominated by advection below the lithosphere
when the model results were compared with the observa-
tions. A bottom thermal boundary layer is also neglected
because the region since the Late Cretaceous was domi-
nated by a large downwelling associated with subducted
Gondwana slabs without any active plumes rising from the
core‐mantle boundary.
[36] On the basis of the spatial scale of the Ross sea geoid
and topography anomaly, we define the largest (one hot and
one cold) buoyancy anomalies to have lateral and vertical
dimensions of 4000 km and 600–800 km, respectively. On
the basis of our fit to the observed present‐day dynamic
topography and geoid, we determine a maximum tempera-
ture anomaly of approximately 450°C, giving an average
temperature anomaly within the rising upwelling of about
200°C. On the basis of direct conversion of seismic veloc-
ities to thermal anomalies, maximum temperature anomalies
have previously been estimated to be +600°C at 1400 km
depth beneath the Ross Sea, and ‐400°C at 2800 km depth
[Deschamps and Trampert, 2003]. The global average of
temperature variability is estimated to be approximately
190°C at 1400 km depth [Deschamps and Trampert, 2003],
while temperature anomalies close to the CMB could reach
as much as 900°C [Deschamps and Trampert, 2003; Forte
and Mitrovica, 2001]. Accounting for both a thermal and
compositional origin for tomographic anomalies, tempera-
ture variation is estimated to be between 200°C [Karato and
Karki, 2001] and 300°C [Deschamps and Trampert, 2003]
for upper parts of the lower mantle; and 300–400°C for
midmantle [Deschamps and Trampert, 2003]; and 500°C
[Deschamps and Trampert, 2003] to more than 1000°C
[Karato and Karki, 2001] for the lowermost mantle.
Although the temperature anomaly we infer is in the range
of values suggested by these studies, it should be noted that
we assume that the entire upwelling/downwelling anomaly
is thermal. It is possible that a part of the buoyancy we infer
is compositional, which could result in lower estimates of
temperature anomalies beneath the ANT margin. If the
anomalies were entirely thermal in origin, the corresponding
average density difference between the anomaly and the
ambient mantle would be about 0.6%. In addition, we use a
constant coefficient of thermal expansion (Table 1). If a
depth‐dependent coefficient was used, we would have ob-
tained different estimates of thermal anomaly, but the esti-
mated value of density anomaly would remain unchanged.
[37] By simultaneously introducing instantaneous and
time‐dependent observations, we are able to infer both rel-
ative and absolute mantle viscosities for the assumed initial
geometry. Seismic tomography provides information on the
present‐day distribution of mantle heterogeneity, and is the
result of the history of mantle flow. The lower to upper
mantle viscosity ratio that we find is best able to fit all
observations is about 100:1, with present‐day dynamic
topography and geoid giving the strongest constraints.
Time‐dependent observations impose important constraints
on the absolute value of the viscosities, with a lower‐mantle
viscosity of 1023 Pa s and an upper mantle viscosity of
1021 Pa s giving the most acceptable fits. A stiffer mantle,
having lower‐mantle viscosity higher than 1023 Pa s, results
in underestimated dynamic topography, geoid and tectonic
subsidence, with an overestimated final depth of buoyant
anomalies. A less viscous mantle, with lower‐mantle vis-
cosity being smaller than 1023 Pa s, results in a relatively
rapid rise of anomalies, overpredicting tectonic subsidence
and dynamic topography, while having final depth of hot
anomaly too shallow. The best initial depth of the large
upwelling anomaly in our models is around 1300 km. When
individual observational constraints are imposed separately,
we find a trade‐off between initial depth and viscosity,
where deep anomaly/less viscous mantle can give an equally
well‐constrained prediction as shallow anomaly/more vis-
cous mantle. However, when the observations are used
jointly, a narrower range of possible mantle viscosities and
anomaly depths are found.
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[38] Absolute viscosities can be independently obtained
by inversion of postglacial rebound rates [Milne et al., 2004]
or joint inversion of convection and glacial isostatic
adjustment [Mitrovica and Forte, 2004]. Our preferred
absolute lower‐mantle viscosity (1023 Pa s) is higher than
values obtained by inversion of Fennoscandian GPS data
[Milne et al., 2004], while it fits well within the range of the
values inferred by [Mitrovica and Forte, 2004]. Instanta-
neous flow models [e.g., Hager, 1984; King and Masters,
1992; Steinberger and Calderwood, 2006] constrained by
the geoid are consistent with a jump of viscosities across the
660 km discontinuity higher than 30, and possibly as high as
100. Therefore, our estimate of a jump at the base of the
transition zone by a factor of 100 corresponds to the higher‐
end estimate obtained from instantaneous models. Our
preferred value of relative viscosity ratio is significantly
higher than hLM:hUM = 15:1 obtained in an adjoint mantle
convection model of North America, constrained by seismic
tomography, stratigraphy and plate motion [Liu et al., 2008;
Spasojevic et al., 2009]. In addition, our estimated lower‐
mantle viscosity is an order of magnitude larger than
∼1022 Pa s obtained by analytical calculations on the basis of
sinking velocities of a subducted fossil slab in Tasman Sea
[Schellart et al., 2009]. Differences in the ratio of mantle
viscosities inferred by different geodynamic studies could
partly be explained by global lateral variations in viscosity.
The high‐viscosity ratio of 100 determined in this study
could be related to the long history of subduction that
accumulated cold material in the lower mantle, resulting in
larger thermally controlled viscosity contrasts between the
upper and lower mantle, and the subduction history may
also have regionally altered mantle chemistry. In addition, it
should be noted it is possible that these upwelling anomalies
are created in a more continuous process, in which upwel-
lings are continuously fed by a process (e.g., slab dehydra-
tion), such that there is a constant influx of lower density
material. We do not have ability to model such a process and
we devised a simplified model in which upwelling with a
shape defined at 80 Ma evolves to the present. If we had
ability to model a more continuous process, it is possible that
estimated values of mantle viscosities would be different.
[39] The correct sign and amplitude of the geoid could be
reproduced only when the large‐scale main upwelling is
now positioned in the transition zone and top of the lower
mantle. Since other mantle upwellings, such as the African
superswell and the Iceland and Hawaii plume, are associated
with large geoid highs [Richards et al., 1988], the Ross sea
region appears to be rather unique. Geoid dynamic response
functions [Hager, 1984; Richards and Hager, 1984] for a
range of wavelengths suggest that both buoyant upwellings
in the transition zone and dense slabs in the lower mantle
could produce geoid lows, if the viscosity of the upper
mantle is significantly less than that of the lower mantle.
Alternatively, response functions for a long‐wavelength
upwelling located in the lower mantle (e.g., African super-
swell), or a shorter‐wavelength anomaly located in the
upper mantle (e.g., Hawaii or Iceland), predict a positive
geoid response, assuming an appropriate viscosity contrast
[Richards and Hager, 1984]. Our models demonstrate that
the Ross Sea geoid low can be attributed to sharper mantle
viscosity gradients and/or the intermediate wavelength of
the upwelling at midmantle depths.
6.2. Regional Geologic and Tectonic Implications
[40] Our models were constructed only to fit observations
of modern topography, geoid, and seismic‐wave speed
anomalies, and the 80–0 Ma subsidence history of the
Campbell Plateau. However, the models make indirect im-
plications for other geologic observables, such as the com-
position of the mantle and derived melts through time. In
addition, the very basic conclusion that such a class of
model with upwellings and a downwelling is required by the
regional geology and geophysics is worthy of discussion.
[41] The tectonic subsidence histories that we predict are
derived from tracking a point on the surface of the Pacific
plate as it moved northward across the upper boundary of
evolving mantle flow. The shallower and smaller of the
discrete upwellings that we infer was initially located
beneath the reconstructed Campbell Plateau at 80 Ma, where
it created a long‐lived dynamic topography high that we
infer to be partially responsible for anomalously shallow
depths to the Pacific‐Antarctic Rise and adjacent seafloor to
Marie Byrd Land. As the Campbell Plateau moved north-
ward, it experienced subsidence as it moved off the
dynamically supported high. In contrast, the Australian and
North American continents are shown to have experienced
tectonic subsidence as they moved across mantle down-
wellings associated with relict slabs [Gurnis et al., 1998;
Spasojevic et al., 2009]. Our study further demonstrates that
understanding the evolution of mantle flow beneath sedi-
mentary basins is fundamental to predicting their subsidence
histories.
[42] We have not attempted to model all the known sub-
sidence histories from around New Zealand, which are
complicated by development of the Cenozoic Australia‐
Pacific plate boundary. However, we suggest it is significant
that paleoenvironments inferred for most sedimentary basins
around New Zealand were nonmarine at ∼85 Ma [Cook et
al., 1999; King et al., 1999; Laird and Bradshaw, 2004].
It is significant because rifting was already complete and
crustal thickness was typically in the range 20–30 km, so
global experience and comparison with the modern setting
suggest that it should have been at or below sea level in the
absence of dynamic topography associated with mantle
flow. The widespread erosion surface that resulted from
having an elevation above sea level was called the
“Waipounamu Erosion Surface” by LeMasurier and Landis
[1996] and was inferred by them to have been caused by
dynamic topography.
[43] The conclusion that Late Cretaceous dynamic
topography existed in southern NZ is implicit in the
observed rapid subsidence of the Campbell Plateau during
the interval 70–40 Ma, as it moved off the elevated region.
This is the reason why we had to introduce an additional
shallow mantle upwelling at 80 Ma below NZ (further
north of the main deeper upwelling). We are not able to
determine the precise pattern of mantle upwelling in the
Late Cretaceous beneath southern NZ, owing to the sparse
observations, but we can constrain the source to have been
relatively shallow (transition zone or upper mantle).
[44] Three general classes of upwellings and hence hot
spots have previously been identified [Courtillot et al.,
2003]: (1) upwellings that originate from the CMB region,
(2) upwellings originating from the bottom of the transition
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zone, and (3) upper mantle plumes, but the upwellings we
propose do not correspond to any of the previously identi-
fied types. While specific phase transitions may lead to a
layered viscosity and density structure and hence to certain
modes of plume behavior, we suggest that the role of sub-
duction in the genesis of instabilities that lead to upwelling
may have been overlooked [Sutherland et al., 2010]. Slabs
that pass through the transition zone may sequester H2O
in superhydrous B [Ohtani et al., 2003] or D phases
[Hirschmann, 2006]. Ohtani et al. [2004] suggest that
decomposition of superhydrous phases could occur at
depths as large as 1250 km, resulting in hydration and/or
melting of the mantle. Therefore, it is possible that the
seismic low‐velocity region imaged in the midmantle below
the Antarctic‐New Zealand region has been created by
chemical and/or hydration reaction of mantle with subduct-
ing slabs below 660 km depth. If such a process is contin-
uously active during subduction, it is possible that buoyancy
anomalies have been created continuously, extending from
midmantle depths to the surface. Buoyant material may be
released to become upwellings when changes in subduction
rate or the termination of subduction occurs and the com-
peting downward force is reduced [Sutherland et al., 2010].
The predicted correlation between reduction in subduction
rate and subsequent mantle upwelling could be tested by
analysis of the geologic record from ancient subduction
systems for which it is possible to compute the past sub-
duction rate.
[45] Tests of the plume generation hypothesis presented
above may rest with the details of the geochemistry of
mantle‐derived rocks. It is outside of our present scope to
explore this subject in detail, but we do present a few rel-
evant observations from the NZ‐ANT region. Cretaceous
igneous rocks from New Zealand have high U/Pb mantle
(HIMU) isotopic signatures, interpreted to be plume‐related,
but Antarctic rocks do not [Mukasa and Dalziel, 2000;
Weaver et al., 1994]. In contrast, Late Cenozoic mafic
igneous rocks are widespread in the Ross Sea and Marie
Byrd Land and do have geochemistry that falls on a HIMU
trend [Behrendt et al., 1991; Finn et al., 2005; Rocchi et al.,
2002]. Superficially, this seems in excellent agreement with
the general characteristics of our models. However, to test
the plume generation model that we propose requires a
specific geochemical prediction from the model, and an
understanding of the inherited geochemistry of the mantle,
and of the lithospheric processes and chemical history near
the sample site. A HIMU descriptor may not be optimal or
appropriate. We conclude that initial interpretations support
our models, but we leave the development of this discussion
to more detailed future study.
7. Conclusions
[46] Anomalous geophysical observations at NZ‐ANT
margin can be reproduced with a dynamic model in which
two hot anomalies evolved above a cold downwelling
related to Gondwana subduction. The main larger hot
mantle anomaly, centered above the Ross sea region, ori-
ginates from a midmantle depth range of 1000–1600 km at
80 Ma, and has an average temperature approximately
200°C higher than the background mantle. If the anomalies
were thermal in origin, the corresponding average density
variation between the anomaly and background mantle
would be about 0.6%. This buoyant anomaly reached the
upper mantle at ∼20 Ma, and it evolved to a present‐day
depth range of 400–1000 km, resulting in up to 1 km of
dynamic topography that is now observed along the ANT
margin.
[47] Campbell Plateau subsidence and present‐day residual
bathymetry of the Antarctica‐Pacific ridge is related to
evolution of an additional hot anomaly, located at 80 Ma
in the upper mantle, and which has now underplated the
lithosphere to form a shallow seismic low‐velocity anomaly.
The mantle upwelling creates a long‐lived dynamic topog-
raphy high, and the anomalous Campbell Plateau subsidence
was a result of northward drift away from this dynamic
topography high.
[48] By using present‐day (geoid, dynamic topography
and seismic tomography) and time‐dependent (tectonic
subsidence) observations, we are able to infer both relative
and absolute mantle viscosities. The relative viscosity ratio is
rather high, with hLM:hUM = 100:1, and the steep gradient of
the viscosities could be created by long‐lived Gondwanaland
subduction that resulted in an extensive pile‐up of denser and
more viscous material in the lower mantle that is overlain
by a region of hydration. The absolute viscosities of the
upper and lower mantle in the NZ‐ANT region are 1021
and 1023, respectively.
[49] The Ross sea geoid low could be reproduced only
when the large‐scale main upwelling anomaly is positioned
across the transition zone and top of the lower mantle. This
globally significant geoid low is reproduced in our model
through a combination of the intermediate wavelength of
upwelling and the high gradient of mantle viscosity.
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